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Abstract

Based on coupled model simulations we investigate the atmospheric and oceanic
response to sustained glacial freshwater input in the North Atlantic under a glacial
background state. The results demonstrate that a weakening of the conveyor belt
triggered by weaker density flux leads to rapid changes in global sea-ice volume and
reduced poleward heat transport in the Northern Hemisphere (NH). In the Southern
Hemisphere (SH), however, the oceanic heat transport increases substantially. As
a result, strong cooling occurs over the North Atlantic whereas the SH extratropi-
cal region warms up. The suppression of the thermohaline circulation also drasti-
cally change the atmospheric circulation. At 800 hPa a vast area over the North
Atlantic/Europe sector is dominated by high pressure anomalies whereas negative
pressure anomalies act over North America. This in turn induces warm air advection
over the eastern portion of North America as well as enhances the transport of warm
and salty water from the tropical region to mid-latitudes. Furthermore, calculation
of the high pass transient eddy activity in the lower troposphere showed increased
(decreased ) poleward temperature flux in the NH (SH) due to higher (lower) baro-
clinic activity. This atmospheric-oceanic interplay opposes the initial climate tendency

imposed by the freshwater forcing.



1. Introduction

The past 10,000 years have been anomalous in the history of our planet. This period, during
which civilisation developed, was marked by reduced global climate variability, unlike during any
similar time span of the past 100 millennia (Broecker (1995)). High-resolution records from ice
and sediments cores and other sources have revealed that in the past rapid climate changes
occurred at the time-scale of human lives. Some of the most pronounced regional and large-
scale climate changes (involving, for example, a regional change in mean annual temperature
of several degrees Celsius or dramatic changes in precipitation patterns) occurred within a few
centuries, and often within a few decades, or even just within a few years (Alley (2000)).

During the last decade has increase the number of evidence that those climate shifts are
related to freshwater anomalies into the Labrador/Nordic Seas (Schéafer et al. (2001), Bond
et al. (1997), Blunier and Brook (2001) and Blunier et al. (1998)). Furthermore, Broecker (1994)
showed that these vigorous climatic events may be related with instability of the thermohaline
circulation (THC). Climate changes associated with perturbation in the THC have been inferred
from paleoclimatic records as well as from model simulations forced by increasing greenhouse
gas concentrations. For example, the abrupt cold event that occurred between 8.4 and 8.0 kyr
can be attributed to a weakening of the THC which was triggered by an abrupt release of the
post-glacial Lake Agassiz to the North Atlantic (von Grafenstein et al. (1998)). Similarly, the
general temperature pattern of the Younger Dryas as derived from various proxies data e.g. by
carbon isotope ratios, shows a close resemblance with coupled atmosphere-ocean modeling ex-
periments that simulate a collapse of the THC (Manabe and Stouffer (1997), Mikolajewicz et al.
(1997)). Moreover, paleo-proxy data analyses have suggested that the meltwater pulse Il that
occurred around 23,000 BP (calender years before present) was characterized by a dramatic
nutrient enrichment of Atlantic deep water, which suggest a shutdown of the THC (Crucifix et al.
(2002), Schafer et al. (2001)). Reduction of the North Atlantic Deep Water (NADW) formation
rate has been simulated by freshwater inflow to the North Atlantic, either from glacial melting



(e.g. Knutti et al. (2004), Broecker (1994)), or from ice sheet instabilities (e.g. MacAyeal (1993)).
Recently, Timmermann and Goosse (2004) demonstrated that wind-forcing is a crucial element
to sustain meridional overturning circulation. In fact, in their study neglecting wind-stress over
the North Atlantic led to a complete shutdown of the conveyor belt circulation. Previous attempts
to quantify the impact of wind driven circulation on the THC (e.g. Schiller et al. (1997), Oka
et al. (2001)) also pointed out that Ekman dynamics in the sub-tropical gyre plays a key role to
stabilize the THC.

The present day hydrological cycle is in balance over annual time scales, with evaporation
over the ocean replenished by marine precipitation and continental runoff, as discussed by (Mar-
shall and Clarke (1999)). Nevertheless, a different treatment is required for Pleistocene studies
due to the modified hydrological cycle and topographic features. Bjerknes (1964) proposed that
a weakening of the oceanic heat transport, perhaps triggered by a shutdown of the NADW, leads
to a cooling of the northern North Atlantic, which in turn increases the baroclinicity and the tran-
sient eddy activity in the atmosphere. This may subsequently lead to a warming of the northern
North Atlantic opposing the initial cooling tendency (see Fig. 1). This web of climate interaction
proposed in the Figure 1 can be investigated in details by coupled model simulations mimicking
a climate state perturbed by a substantial weakening of the THC.

Hence, this study addresses the impact of the stationary freshwater inflow into the North
Atlantic on the atmosphere-sea-ice-ocean system based on 5 sensitivity experiments. This work
is motived by the fact that the behavior of the air-sea mechanism proposed in Figure 1 has not
been studied in details in a glacial environment. It has also been argued that model simulations
conducted under anomalous deep water formation rate can improve our understanding of climate
feature characteristic of stadial periods (e.g. Heinrich events). Moreover, previous experiments
concerning the climate response to perturbation in the THC (e.g. Seidov et al. (2001), Stocker
(1998), Mikolajewicz et al. (1997), Manabe and Stouffer (1995)) have been set up from a climate
state driven by present day or pre-industrial boundary conditions. Thus, their interpretation of

the climate response in paleoceanographical terms is weaken.



The paper is organized as following: Section 2 describes the coupled atmosphere-ocean-
sea-ice model and the experimental design. Section 3 investigates the impact of freshwater
flux upon the thermohaline circulation, the heat transport and the atmospheric circulation. In
addition, this section provides a brief discussion of the predicted interhemispheric seesaw as
well as focuses on changes in the baroclinic activity and the transients eddies. Finally, the

summary and concluding remarks are presented in Section 4.

2. The Coupled Climate Model and the Design of the Numeri-

cal Experiments

The atmospheric component ECBILT (Opsteegh et al. (1998)) of our coupled model is a 3-layer
model with a quasi-geostrophic adiabatic core (Marshall and Molteni (1993)) and a set of physical
parametrizations for the hydrological cycle (Held and Suarez (1978), Opsteegh et al. (1998)) and
a simplified radiation code. It is a spectral model that is run at T21 triangular truncation, which
corresponds to an approximate resolution of 5.6° in both latitude and longitude. The coupled
ocean-sea ice model CLIO (Goosse et al. (1999), Goosse and Fichefet (1999), Goosse et al.
(2002)) is based on the primitive equations and employs a free surface for the ocean component
and thermodynamic/dynamic assumptions for the sea-ice component. A parameterization for
vertical mixing (Goosse et al. (1999)) is employed that constitutes a simplification of the Mellor
and Yamada 2.5-level turbulence closure scheme (Mellor and Yamada (1982)). Furthermore, the
ocean model CLIO includes mixing along isopycnhals so as to capture the impact of meso-scale
eddies on the transport (Gent and McWilliams (1990)) as well as the flow of dense water down
topographic features (Campin and Goosse (1999)). The horizontal resolution of the CLIO model
is 3° and there are 20 unevenly spaced vertical levels in the ocean. The individual models are
coupled through exchanges of momentum, freshwater and heat and the simulations are per-

formed using weak freshwater flux corrections so as to inhibit climate drift (Marotzke and Stone



(1995)). The model is highly efficient computationally such that on a DEC-alpha workstation, a
150-year-long simulation may be performed within a single day.

In order to analyze the climate response to freshwater input, five experiments are performed:
a simulation of the present day climate, a simulation focusing on the last glacial maximum (LGM),
and three additional freshwater experiments driven by LGM boundary conditions. The freshwater
experiments are carried out with different sustained freshwater input (Fl), i.e. between 50°N and
70°N the amount of FI into the North Atlantic was altered adding 0.19, 0.38 and 0.475 Sv (15v =
105m3s~1). It represents for each model grid cell an increase of Fl up to 0.16 x 107, 0.33 x 10~7
and 0.42x 107 Sy, respectively (0.19F I, 0.38FI and 0.47F I hereafter). The amount of freshwater
input is based on previous simulation (Rind et al. (2001a), Manabe and Stouffer (2000), Schiller
et al. (1997), Manabe and Stouffer (1997)) as well as on observed estimates from either glacial
meltwater (Liccard et al. (1999)) or ice rafted debris (MacAyeal (1993)). The FI experiments
have been run for 700 years starting from equilibrated LGM climate conditions. It is important to
note that the LGM simulation was integrated for 10,000 years. The analyses discussed here are
based upon the last 300 years of each simulation. The present day and LGM simulations have
been discussed in detail in previous studies (Justino et al. (2005), Timmermann et al. (2004)).
The LGM run and the FI experiments employ the reconstructed ice sheet topography (ICE-4G)
characteristic of 21,000 BP (Peltier (1994)), reduced atmospheric CO, concentration (200 ppm),
and appropriate LGM orbital forcing (Berger (1978)). Moreover, an appropriate LGM vegetation
mask is prescribed (e.g. Crowley (1995)), for which the deforested soils and plant cover are
replaced by their respective glacial albedos. The incorporation of the influence of the ice sheet
albedo increases the surface albedo by more than 60% in North America and northwestern
Europe. In comparison with the predicted present day climate, the LGM simulation exhibits an
overall surface cooling except over the North Pacific that is mainly driven by topographically-
induced modification of the large-scale atmospheric circulation (for details see Timmermann
et al. (2004)). The simulated rainfall anomalies are consistent with lake level reconstructions of

Kohlfeld and Harrison (2000), and a permanent La Nifa pattern. The comparison between the



simulated temperature and the paleo-reconstructions shows good agreement in the equatorial
zone. Over the subtropics, however, the model underestimates the cooling.

The SSTs anomalies are in good agreement with the CLIMAP (1981) and GLAMAP (Schéfer-
Neth and Paul (2003)) reconstructions (not shown). Similar previous LGM simulations (e.g. Cook
and Held (1988) and Rind (1987)), we found that the presence of Laurentide ice sheet generates
an upstream blocking situation whereas a downstream low takes place over North Atlantic (Fig.
2).

3. Results and Discussion

a. Thermohaline Circulation

Compared to reality, the ECBIlt-Clio overestimates the strength of today’s NADW. The simulated
present day transport associated with the NADW (24 Sv) is around 30% larger than that observed
(18 Sv) (Talley et al. (2003), Hall and Bryden (1982)). This higher NADW formation rate is a result
of the increased thermal contribution to density changes as well as due to overestimated sea-ice
volume and subsequently of much higher extra-tropical surface salinity/brine rejection (Justino
et al. (2005)). It must be noted, however, that discrepancies associated with the strength of
the NADW have been found in models of different complexity, as discussed by Houghton et al.
(2001). Shown in Figure 3 is the simulated NADW and the Antarctic Bottom Water (AABW)
in the FI experiments and the LGM run. Compared to the simulated present day NADW the
LGM simulation predicts stronger NADW mainly due to increased vertical air-sea temperature
contrast and thus the loss of heat from the ocean to the atmosphere, which leads to strong
convective mixing. Paleoceanographic data (McCave et al. (1995) and Veum et al. (1992)) and
other LGM model simulations (Hewitt et al. (2001) and Kitoh et al. (2001)), support the possibility
of a stronger NADW, as simulated here.

The 0.19F'I simulation shows a slight reduction of the NADW by about 15% (Fig. 3a). This



THC response is similar the results found by Rind et al. (2001a) that predicted for a freshwater
inflow of 0.12 Sv, a 10% reduction of the NADW. The other FI simulations experience larger
anomalies. The NADW in 0.38F'I weakens by about 17 Sv which represents a 40% reduction
compared to the LGM reference run. The changes in the 0.47FI are even stronger and the
NADW drops up to 25 Sv. This represents a reduction of more than 90% of its strength in the
LGM simulation. It is important to note that a similar trend is observed in the first 30 years in
the three FI experiments. The weakening of the NADW is also accompanied by a strengthening
of the AABW (Fig. 3b). Remarkable, however, is the relative magnitude of the changes in the
0.47F1 run. As a result of the large amount of freshwater employed in this simulation the AABW
intensifies by more than 8 Sv. It is twice stronger than that predicted by the present day run and
almost four times the LGM counterpart. The changes in 0.19F'1 and 0.38F'I runs are weaker,
by about 2 and 6 Sv, respectively. The associated response of the AABW to the amount of
freshwater anomalies in the North Atlantic indicates a strong coupling between the Northern and
Southern Hemispheres. Nevertheless, it is evident from Fig. 3 that AABW experiences much
larger amplitude changes compared to those related to the NADW.

Changes in surface salinity in the FI experiments are crucial for the weakening of the NADW
as well as for the enhancement of the AABW. As proposed by Schmitt et al. (1989) and Speer
and Tziperman (1992), surface density anomalies (a combination of the thermal and the haline
density anomalies) can generate thermohaline circulation changes. Compared to the LGM simu-
lation, the FI experiments show a reduction of the thermal density flux due to stronger advection
of warm air from the east coast of North America and equatorial region. This in turn reduces the
air-sea temperature contrast and thus the loss of heat from the ocean to the atmosphere, which
leads to shallow convective mixing and subsequently weaker NADW formation rate. In addition,
the freshwater input reduces the haline density flux which prevents the water to become dense
to sink. This happens in the main region of deep water formation (not shown).

Rind et al. (2001b) attributed the strengthening of the AABW to changes in the Antarctic
Circumpolar Current (ACC) and to the longitudinal heat flux divergence out of the South Atlantic.



Thus, increasing the cooling and sea-ice growth/salinity amplifying the bottom water production.
In part this finding can be applied here because the 0.38F 1 and 0.47F1 experiments exhibit
higher sea surface salinity (SSS) (not shown), however, this is not accompanied by an increase
in sea-ice and stronger ACC (see Fig. 9a). Calculations of the density flux in the SH show
that both, the thermal and haline density flux anomalies lead to the AABW intensification. The
Fl experiments show large negative heat flux anomalies (i.e. oceanic heat loss) that further
increase the thermal density flux. In addition, the reduced precipitation - evaporation flux (by

about 10m/100years) strengthens the haline density flux in particular in the Antarctic peninsula.

b. Atmospheric Circulation

As proposed by Bjerknes (1964) changes of the poleward heat transport, perhaps associated to
distinct NADW formation rate as discussed above, lead to anomalous meridional thermal gradi-
ent between equatorial and extratropical latitudes. Indeed, this is depicted by surface tempera-
ture anomalies between the Fl experiments and the LGM simulation (Fig. 4a,b). It is evident that
0.38FI and 0.47FI experiments show pronounced cooling in the North Atlantic whereas warmer
conditions are predicted in the SH oceans and northeastern Pacific. This bipolar “seesaw” in the
Atlantic Ocean has been found in previous studies (e.g. Rind et al. (2001b), Stocker (1998)). It
has been shown that on large spatial scale, a shutdown of the THC results in a cooling of the
water masses in the North Atlantic, and a warming in the South Atlantic as simulated here. The
strong cooling in the FI experiments over the North Atlantic and adjacent areas is in part a result
of increased sea-ice volume that insulates the atmosphere from the underlying warmer ocean.
Furthermore, the reduced specific humidity (amount of water vapor in the air) also plays a key
role in cooling the air due to weaker greenhouse capacity of the dryer atmosphere. It should
be noted that the impact of heat transport upon surface climate condition is discussed later.
Over the tropical North Atlantic (0-30°N), the lower surface temperature in the Fl experiments

with respect to the LGM run is associated to enhanced upwelling as a consequence of stronger



northeast trade winds as well as a result of cold air advection from the subtropical region (see
Fig. 6a,b). In the SH, on the other hand, the tropical region experiences a slight warming mainly
driven by weaker southeast trade winds and consequently reduced upwelling. It is important to
note that the surface temperature anomalies over the ocean reproduces mainly changes in sea
surface temperature. In general, one can argue that the changes in the NH resemble glacial
conditions whereas the changes in the SH could be interpreted as characteristic of inter-glacial
periods.

In the 0.47FI experiment, for instance, the land surface temperature drops up to 6°C over
Greenland and Europe, and up to 2°C over Asia from already a very cold LGM climate state
(Fig. 4b). This is associated to increased cold advection from the North Atlantic and Arctic Ocean
(see Fig. 6a,b). In addition, the sea-ice/snow albedo feedback strengthens the amount of solar
radiation reflected to space producing substantial changes in the surface radiative budget. Over
southern North America, however, due to the warmer air blowing from the equatorial region the
Fl experiments show positive temperature anomalies compared to the LGM run. Similar results
are also predicted by the 0.19FI experiment anomalies, however, they show smaller amplitudes.
Therefore, they are not shown here.

Over the northeast Pacific the FI experiments exhibit higher surface temperature than those
simulated in the LGM run. A similar mechanism responsible for positive surface temperature
anomalies between the LGM and the present day climate has been discussed by Timmermann
et al. (2004). They argued that SST changes in the North Pacific in the LGM run are primarily
driven by modifications of the large-scale atmospheric circulation. Which in turn leads to a re-
duction of latent and sensible ocean cooling in the subtropical North Pacific. Moreover, reduced
wind stress curl over the Kuroshio area slows down the subtropical and subpolar gyre, cooling
down the western North Pacific whereas the northeastern Pacific warms up. These features are
also found by comparing the FI experiments to the LGM simulation.

Changes of eddy geopotential height (i.e. the geopotential height with the zonal mean

removed) are characterized by high pressure anomalies from the North Atlantic to Eurasia,
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whereas low pressure anomalies take place over North America and North Pacific (Fig. 5a,b).
Therefore, over the western North Atlantic a south-westerlies wind anomalies appear from the
sub-tropics to the Nordic Seas (Fig. 6a,b). Hence, according to the Sverdrup relation an en-
hancement of the wind-driven circulation may be expected. In the upper troposphere, however,
a though takes place over the North Atlantic and a ridge is simulated over the North Pacific (not
shown), pointing out an intensification in the baroclinic structure of the atmosphere as proposed
by Bjerknes (1964) (Fig. 1). This anomaly geopotential feature in the FI experiments reinforces
the jet stream over the North Atlantic but weakens it over the North Pacific. In the SH due to
reduced meridional thermal gradient the FI experiments show weaker westerlies at 800hPa than
those predicted by the LGM simulation. At 200 hPa, however, the jet stream is slight stronger
over the Indian/Pacific sector.

c. Heat Transport

Although changes in sea surface conditions and atmospheric circulation are crucial to under-
stand the climate, it is important to investigate the impact of freshwater forcing upon the oceanic
and atmospheric heat transport. The total poleward heat transport of the atmosphere-ocean
system in each latitudinal band is computed from the difference between the net shortwave radi-
ation and the outgoing longwave radiative flux at the top of the atmosphere. It can be expressed

as,

H(®)totar = Harm + Hocr = 2a° /¢ (ST0a(®)' — Lroa(9)') .cos¢’.dg’' 1)

—m/2

where, H;.q1, Harar and Hocp are the total, atmospheric, and oceanic heat transport, respec-
tively. a is the radius of the Earth, ¢ is the latitude, S704 is the zonally integrated net shortwave
radiation, and Ly, is the zonally integrated outgoing longwave radiative flux. Both fluxes are
computed at the top of the atmosphere.

The simulated present day total heat transport is comparable to calculations which are based
on observed data (Trenberth and Caron (2001), Peixoto and Oort (1992)). The maximum pole-
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ward heat transport appears in both hemisphere around 45°N and 45°S and attains maximum
values of 5.2 PW (PW = 10%W) (Justino (2004)).

Compared to the LGM simulation, the 0.47FT and 0.38 F'I runs show a reduction in the heat
transport maxima in the NH by about 1 PW and 0.5 PW, respectively (Fig. 7). Nevertheless,
in the SH the differences among the simulations do not show significant changes. Increased
freshwater into the North Atlantic clearly affects the oceanic heat transport (Fig. 7b). It is evident
the substantial reduction (increase) of the northward (southward) heat transport in the FI experi-
ments. For instance, at 30°N the oceanic heat transport is reduced by 0.63 (0.25) PW in 0.47F1
(0.38FI) run, primarily as a result of changes in the North Atlantic (Table 1). It is interesting
to note, however, the enhancement of the oceanic heat transport in the North Pacific which on
global basis diminishes the cooling tendency induced by the Atlantic Ocean (Fig. 8b). In addi-
tion, it may play an important role in the higher surface temperature over northeast Pacific in the
Fl experiments with respect to the LGM simulation.

The appearance of southward oceanic heat transport in the 0.47FI experiment (Fig. 8a)
contrasts with recent observations (Talley (2003)) and modeling results (Boning et al. (1996)) that
show northward meridional heat transport in the Atlantic Ocean. Thus, higher SH extratropical
surface temperature in the FI experiments compared to the LGM run is primarily a result of the
large amount of accumulated oceanic heat in the SH. This is consistent with the hypothesis
suggesting that the South Atlantic cools by the existence of the NADW (Stocker and Johnsen
(2003), Stocker (1998)).

Changes of atmospheric and oceanic circulations have also a large impact upon the oceanic
salt transport due to induced wind-driven circulation anomalies. Compared to the LGM, the FlI
experiments show strong northward salt transport in the North Atlantic. The maximum northward
salt transported in the LGM run attains values of 5 psuSv around 45°N, though it increases up
to 16 and 18 psuSv in the 0.38F'I and 0.47F1 experiments (Fig. 8c). Furthermore, it is clearly
seen the reduction of the southward salt transport. It is important to note that this enhanced salt
transport opposes the North Atlantic freshening induced by the freshwater forcing.
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d. Interhemispheric Seesaw

One of the most important findings in the study of millennial-scale climate events is the out-of-
phase climate response of the two hemispheres - the interhemispheric seesaw. Broecker (1998)
suggests that for rapid climate changes to be initiated there must be a trigger for a sudden
“switching off” or a strong decrease in the rate of deep water formation in either the North Atlantic
or the Southern Ocean. This must be due to a decrease in the density of surface water. Changes
of the density could result from changes in salinity (changes in fresh water) and/or increased
temperatures. The predicted interhemispheric or bipolar seesaw in the Fl experiments is shown
in Figure 9. It exhibits rapid changes of sea-ice volume in the NH (Fig. 9a) which leads to slight
cooling over Greenland (Fig. 9b). It is interesting to note the strong link between the changes
in surface temperature in Weddell Sea and the heat transport anomalies at 30°S (Fig. 9b,c).
By increasing the heat transport in the South Atlantic by 0.8 PW, the surface temperature over
Weddell Sea increases by about 10°C in a period of 300 years. This in turn reduces the sea-ice
volume in the Southern Hemisphere (Fig. 9a). In a recent study (Knutti et al. (2004)) showed
that the amount of freshwater discharge into the North Atlantic in addition to a reduction in the
THC, has a direct impact on the temperature of the Southern Ocean. They demonstrated that
the related anomalous southward oceanic heat transport arises from a zonal density gradient in

the subtropical North Atlantic caused by a fast wave adjustment process.

e. Baroclinic Instability and Eddy Activity

In order to investigate changes in baroclinicity induced by anomaly freshwater forcing as pro-
posed in Figure 1, is computed the Eady growth rate (o;). This is a simply measure of the
baroclinicity of the atmosphere and can be employed to quantify the potential for instability and
cyclone growth (Lindzen and Farrell (1980)). The Eady growth rate estimates baroclinic insta-
bility through the vertical wind shear and the static stability in the atmosphere. It is defined

as opr = 0.31%|8v/8z| where f is the Coriolis parameter, N the Brunt-Vaisala frequency, z
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the upward vertical coordinate and v the horizontal wind. The anomalies between the FI ex-
periments and the LGM are shown in Fig. 10a,b. As expected, the cooling over the North
Atlantic/northern Europe induced by enhanced freshwater forcing increases the meridional ther-
mal gradient/vertical wind shear which subsequently produces stronger baroclinic activity (higher
opr) over that region (Fig. 10a). It is interesting to note that very weak changes are found over
the North Pacific as a result of smaller temperature anomalies between the FI experiments and
the LGM run (Fig. 4a,b). Homogeneous warming in the SH also leads to substantial reduction
of the baroclinic activity over the ACC area (Fig. 10b). Although, higher op; is predicted over the
Antarctic continent between 0-60°E.

Changes in the baroclinic structure of the atmosphere is tightly linked to anomalies in the
mean wind, stationary and transient eddies (or commonly known as storm tracks). In the follow-
ing, an initial analysis of the subtropical and polar jets is provided by calculating the upper level
total kinetic energy [TKE = $(u? + v?)]. In the NH is evident an intensification and a northward
shift of the maximum TKE (Fig. 10c). Over the North Atlantic this reflects the enhancement
of the steady components of the jet stream. This strong jet stream plays an important role in
reducing the seasonal zonal thermal contrast in mid-latitudes by coupling the large oceanic heat
reservoir to much smaller terrestrial one (Schneider (1996)). Over the North Pacific the changes
are more complicated. Due to the weaker subtropical jet a belt of reduced TKE is found around
30°N, whereas as a result of the stronger polar jet the TKE enhances over polar latitudes (Fig.
10c). In the SH (Fig. 10d), the TKE strengthens around Antarctica with two maximum placed
over Atlantic and Pacific Oceans, but weaker TKE is found over the Atlantic/Indian Ocean sector.

After discussing the mean wind and stationary waves anomalies, changes in the transient
waves are analyzed. In the following, transient eddy activity is analyzed in terms of the upper
level (200 hPa) eddy kinetic energy [EKE = L(u” +v”)], and the low level (650 hPa) eddy
temperature flux [(v'T")], with the overbars denoting the time mean and primes the deviation
therefrom. The high pass transient eddies are extracted from daily model data and have been

temporally filtered using a high-pass filter to include only systems with growth and decay with
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timescales smaller than 6 days. Those changes of the TKE discussed above are not directly
linked to changes in the high pass transient kinetic energy (EKE), as can be realized by compar-
ing the Figure 10c,d to the Figure 11a,b. For instance, the high pass transient EKE is reduced
over North America in the 0.47F I run while the TKE is enhanced (Figs. 10c, 11a). Similar “anti-
phase” behavior between the TKE and the high pass transient EKE is clearly seen in the SH
(Fig. 10d, Fig. 11b). Compared to the LGM simulation, the FI experiments show stronger high
pass transient EKE over the most part of the NH (Fig. 11a). Nevertheless, areas of reduced
storm track activity are simulated over North America and the North Atlantic. This feature in
the North Atlantic does not agree with the predicted positive Eady growth rate anomalies/higher
baroclinic activity (Fig. 10a). This may indicate that enhanced baroclinic activity is confined to
the lower troposphere. It is interesting to note the spot of enhanced transient eddies activity
over the Bering Strait region (Fig. 11a,c) perhaps associated to the intensified polar jet. There
are several reasons for why the zonal mean wind determines transient eddy activity. A strong
jet is often associated with increased baroclinic and barotropic instability resulting in enhanced
transient wave activity. Furthermore, Trenberth (1991) showed that a strong jet also advects
transient wave activity further to the east. In the SH, the upper level EKE is extremely weaker
in agreement with the reduced baroclinicity (Fig. 11b). Turning to the changes in the eddy tem-
perature flux [(v'T")] in the lower troposphere (Fig. 11c,d), it is evident enhanced »'T" over the
Nordic Seas, Alaska and over the Bering Strait region. In the SH, however, the Fl experiments
show an overall reduction of the poleward temperature flux.

The analyses of the baroclinic activity and the high pass transient eddies anomalies reveal
that increased freshwater input into the North Atlantic leads to enhanced northward temperature
flux over the North Atlantic and the North Pacific which favors a warming in the NH. Furthermore,
northward warm air advection anomalies also contribute to warm the North Atlantic as shown in
Figure 4c,d. In the SH, however, the low level mean circulation and the storm tracks do the oppo-
site, the weaker storm track transports less heat to high latitudes which leads to an extra-tropical

cooling. Given that, one may conclude that the high pass transient eddies anomalies in the FI

15



experiments act as a negative feedback, thereby weakening the climate response associated to
the freshwater forcing.

4. Summary and Concluding Remarks

Based upon an equilibrated climate driven by LGM boundary condition is found that the NADW
production rate is approximately proportional to the amount of freshwater inflow in the North
Atlantic (Rind et al. (2001a), (Manabe and Stouffer (1997), Mikolajewicz et al. (1997)). The
weakening of the NADW induces lower SST and air temperature in the NH. In the SH, on the
other hand, strong warming is accompanied by an increase in the AABW.

By comparing the density flux in the FI experiments and the LGM simulation (not shown) is
argued that changes in the NADW and AABW are mainly driven by modified thermal and haline
density fluxes. In the NH, the reduction of the thermal component of the density flux is due to
the advection of warm air from the east coast of North America and equatorial region, which
subsequently affects the convective mixing. Whereas, the haline density flux reduces as a result
of imposed freshwater inflow. In the SH, on the other hand, strong AABW formation rate is
associated to large negative heat flux anomalies (i.e. oceanic heat loss) in addition to enhanced
haline density flux due to reduced precipitation - evaporation flux.

The shutdown of the THC leads to weaker oceanic heat transport in the North Atlantic by
about 1 PW (see Fig. 8a, Table 1). Thus, the most part of the oceanic heat is transported to the
South Atlantic, which experiences higher SST and surface air temperature. The suppression of
the NADW also drastically change the atmospheric circulation. At 800 hPa strong high pressure
anomaly is predicted over the North Atlantic/Europe whereas low pressure anomalies act over
North America and the North Pacific. The high pressure anomaly is a consequence of the North
Atlantic cooling that stabilizes the atmosphere. This is apparently caused by weaker cold-ocean
fluxes of sensible and latent heat to the atmosphere (Rind (1987)). The associated northward

wind anomalies over the North Atlantic increase the warm air advection from the tropics and
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induce the transport of tropical saltier water to mid-latitudes. Furthermore, calculation of high
pass transient eddy activity demonstrated increased (decreased) low level poleward temperature
flux in agreement with higher (lower) baroclinic activity in the NH (SH) (Fig. 11). This negative
atmospheric-oceanic feedback should play an important role to resume the NADW after the
freshwater forcing ends up. Furthermore, the analyses here showed that wind anomalies act as
a negative feedback to the initial freshwater forcing.

Comparing the FI experiments with proxy data reveals a general agreement. For instance,
Grootes and Stuiver (1997) inferred surface temperature in Greenland lower than 20°C com-
pared to today or 3-6°C compared to the LGM. Schéfer et al. (2001)) argued that the meltwater
released during the major iceberg armada led to an entire stop in NADW and intermediate-water
production as well as a reverse pattern of THC, which in turn, reduces the heat transported
northward. Therefore, the inferred climate changes from paleo proxy data have been satisfac-
torily reproduced in the FI experiments discussed here. The comparison with other modeling
results, however, is more complicated since the most part of experiments have been set up with
present day boundary conditions (Rind et al. (2001a), Rind et al. (2001b), Manabe and Stouffer
(2000),Schiller et al. (1997)).
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Figure 1: Air-sea mechanism explored in this paper. (+) and (—) indicate positive and negative
feedbacks
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Experiments | Total Heat Global Ocean Atl. Indi./Pac. Atmosphere
LGM 5.17 1.25 1.01 0.24 3.92
0.19F1 5.01 1.13 0.87 0.26 3.88
0.38F1I 4.84 1.00 0.72 0.28 3.84
047FI 4.56 0.62 0.06 0.56 3.94

Table 1: Time averaged heat transport at 30°N for the FI experiments and the LGM run [PW].

The atmosphere heat transport is calculated as the difference between the total heat transport

and the oceanic contribution.
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Figure 2: DJF eddy geopotential height anomalies at 500 hPa between the LGM and the present

day run [m?s~2].
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Figure 3: Time averaged maximum meridional overturning in the North Atlantic for freshwater
experiments and LGM run [Sv] (a). And (b) is AABW exported northward at 20°S in the South
Atlantic for the FI and LGM experiments.
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Figure 4: Time averaged surface temperature anomalies between the Fl experiments and LGM
run. (a) 0.38FI (b) 0.47FI. [°C].
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Figure 5: Similar Fig. 4 but for geopotential height [m].
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(a) 0.38F1 — LGM
at 800 hPa

1

Figure 6: Similar Fig. 4 but for winds at 800 hPa [m/s]. Values larger (smaller) than 1m/s (-1m/s)

are shaded. 24
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Figure 7: Time averaged total heat transport (atmosphere+ocean) for the LGM and FI experi-

ments (a). And (b) the oceanic heat transport [PW].
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Figure 8: Time averaged oceanic heat transport [PW] for the LGM and FI experiments in Atlantic

(a), Indian/Pacific sector (b). (c) is the poleward salt transport in Atlantic [psuSv].
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Figure 9: Time evolution of sea-ice volume anomalies between 0.47FI experiment and LGM run

[10® x km?] (a), and Surface temperature [°C] in Greenland and Weddell Sea (b). (c) is the time
evolution of the northward heat transport in Atlantic at 30°S [PW].
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Figure 10: Time averaged Eady growth rate anomalies between 0.47FI and LGM (a) NH, and
(b) SH [day~!]. (c) and (d) is the same as (a) and (b) but for the total kinetic energy anomalies at
200 hPa [m?s72].
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(a) 0.47FI-LGM EKE (b) 0.47FI-LGM EKE
200hPa High pass filter DJF 200hPa high pass filter JJA

(c) 0.47FI-LGM Northward temp. flux (d) 0.47FI-LGM Northward temp. flux
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Figure 11: DJF high pass transient kinetic energy anomalies between 0.47FI and LGM at 200
hPa in the NH (a) and in the SH (b). (c) and (d) the same as (a) and (b) but for high pass transient
temperature flux at 650 hPa [Kxms~1].
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